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ABSTRACT

The sensitivity of the variability of an eddy-driven jet to the upper- and lower-level baroclinicity of themean

state is analyzed using a three-level quasigeostrophicmodel on the sphere. Themodel is forced by a relaxation

in temperature to a steady, zonally symmetric profile with varying latitude and intensity of the maximum

baroclinicity. The leading EOF of the zonally and vertically averaged zonal wind is characterized by a me-

ridional shift of the eddy-driven jet. While changes in the upper-level baroclinicity have no significant impact

on the persistence of this leading EOF, an increase in lower-level baroclinicity leads to a reduced persistence.

For small lower-level baroclinicity, the leading EOF follows a classical zonal index regime, for which the

meridional excursions of the zonal wind anomalies are maintained by a strong positive eddy feedback. For

strong lower-level baroclinicity, the jet enters a poleward-propagation regime, for which the eddy forcing

continuously acts to push the jet poleward and prevents its maintenance at a fixed latitude. The enhanced

poleward propagation when the lower-level baroclinicity increases is interpreted as resulting from the

broader and weaker potential vorticity gradient that enables the waves to propagate equatorward and fa-

cilitates the poleward migration of the critical latitude. Finally, the decrease in the persistence of the leading

EOF as the lower-level baroclinicity increases is shown not to result from the impact of changes in the mean

climatological jet latitude.

1. Introduction

Eddy-driven jets and storm tracks have a key role

in midlatitude surface weather, and it is important to

understand how they might respond to climate change.

Results from the Coupled Model Intercomparison

Project (CMIP) experiments show a robust poleward

shift of the jet in the SouthernHemisphere (Kidston and

Gerber 2010), but the picture is more complicated in

the Northern Hemisphere ocean basins (Barnes and

Polvani 2013; Simpson et al. 2014; Vallis et al. 2015). In

particular, there are competing influences of the local

warming maxima in the upper tropical troposphere

(Seager et al. 2003; Lu et al. 2008) and near the surface

in the Arctic (Oudar et al. 2017), which change the

meridional temperature gradient in opposite directions

at different levels in the vertical and therefore have

opposite effects in terms of jet shifts (Butler et al. 2010;

Rivière 2011; Chavaillaz et al. 2013; Harvey et al. 2014;

Shaw et al. 2016).

A change of the mean jet latitude can change its var-

iability; as the mean jet moves poleward, its leading

mode of variability—usually characterized by a lat-

itudinal wobbling—often becomes less persistent, pos-

sibly because of a weaker positive eddy feedback

(Barnes et al. 2010; Kidston andGerber 2010; Arakelian

and Codron 2012, see Fig. 5e therein), even if some

studies with comprehensive models suggest that this

relationship may not be as robust as initially thought

(Simpson et al. 2013a; Simpson and Polvani 2016).

Moreover, the dominantmode of variabilitymay change

its nature for high-latitude jets and become character-

ized more by a pulse in amplitude than by a latitudinal

shift (Barnes and Hartmann 2011). The jet variability

seems also strongly sensitive to the latitude of wave

excitation, either the latitude of stochastic stirring in aCorresponding author: Loïc Robert, lrobert@lmd.ens.fr
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barotropic model (Barnes et al. 2010) or that of oceanic

fronts in aquaplanet general circulation model (GCM)

experiments (Michel and Rivière 2014; Ogawa et al.

2016). In these studies, the persistence of the leading

mode of variability decreases as the wave excitation

zone is shifted poleward, in agreement with the sensi-

tivity to the jet latitude.

The impacts on the jet variability of changes in the

mean temperature gradient or baroclinicity have been

comparatively less studied. Son and Lee (2005, 2006)

performed sensitivity numerical experiments in a dry

GCM by varying the tropical heating and high-latitude

cooling rates of the radiative equilibrium temperature

profile used to force their model. The intensity of the

tropical heating controlled the strength of the sub-

tropical jet while the high-latitude cooling largely de-

termined the width and strength of the midlatitude

baroclinic zone. For large tropical heating and small

polar cooling, a single jet appeared, and the leading

mode was a latitudinal wobbling of the jet (also referred

to as the zonal index regime). In the opposite range of

the parameter space (small tropical heating and large

polar cooling), a double-jet structure emerged at upper

levels, and zonal wind anomalies tended to propagate

poleward (also referred to as the poleward-propagation

regime). The interpretation mainly relied on the shape

of the time-mean potential vorticity gradient (Lee et al.

2007; Son et al. 2008). When it is strong and sharp as in

the first case (zonal index), waves are meridionally

trapped and mainly converge momentum into the jet

core, leading to a strong positive eddy feedback.When it

is weak and broad as in the second (propagating) case,

waves propagate more easily equatorward and push the

jet poleward. Similar arguments will be used in the

present study when analyzing the sensitivity of the jet

variability to the strength of the baroclinicity using a

quasigeostrophic model on the sphere. It is important to

underline that our numerical setup significantly differs

from the previously cited studies as the subtropical jet is

weak in our quasigeostrophic framework. Also, the

originality of the present paper lies in the distinction

made between the effects of changes in lower-level and

upper-level baroclinicity. Changes in the vertical struc-

ture of the baroclinicity are known to have an effect on

jet position (Butler et al. 2010; Rivière 2011) and eddy

intensity (Held and O’Brien 1992; Yuval and Kaspi

2016), but its effect on the jet variability has not ap-

parently been studied so far.

The idealized quasigeostrophic model used in the

present study has three vertical levels, which is the

minimal framework to separate the baroclinicity into

lower- and upper-level components. This model is thus

well suited to study in particular the effect of opposite

tendencies in lower- and upper-level temperature gra-

dients, as occurs in global warming scenarios (Held and

O’Brien 1992; Rivière 2011). The model is described in

section 2, together with the different experiments. The

results describing the changes in the jet variability and

eddy feedbacks when modifying the lower- and upper-

level baroclinicity are presented in section 3, together

with a dynamical interpretation and sensitivity experi-

ments to check the robustness of the results. Concluding

remarks are provided in section 4.

2. Model and diagnostics

a. Numerical model

The model used is the dry quasigeostrophic model on

the sphere of Marshall and Molteni (1993) at T42 reso-

lution. It has three pressure levels in the vertical at 200,

500, and 800 hPa. The model is governed by the fol-

lowing equations for the quasigeostrophic potential

vorticity (PV) qi at levels i5 1, 2, 3:
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where ci is the streamfunction (c0 5c1 and c4 5c3), Ri

is the deformation radius between levels i and i1 1, Si
and Di are the source and dissipative terms, D denotes

the Laplacian operator, and f 5 2V sin(u) is the Coriolis
parameter. The deformation radii are set toR15 600km

and R2 5 400 km, as in Rivière (2009) and Robert et al.

(2017, hereafter RRC17).

Source and dissipative terms are the sum of three

distinct contributions that can be expressed as
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The first term on the right-hand side (rhs) of the equa-

tion represents a scale-selective horizontal diffusion
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such that the damping time scale of the shorter waves at

T42 truncation is 0.02 days. The next term on the rhs

represents a Newtonian relaxation in temperature

toward a fixed profile (denoted with a tilde) using two

time scales at the two interfaces. Finally, a linear drag

with a time scale of tE 5 3 days is applied to the

third level.

The restoration temperature profile is zonally sym-

metric and in thermal wind balance with a Gaussian

zonal jet given by

~u
i
(l,u)5U
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)2
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#
, (2)

where u0 5 308N and du5 208 are the control values of

the mean position and width of the jet. Control values

of the restoration wind amplitude Ui are set to U1 5U0,

U2 5 0:5U0, andU3 5 0:2U0, whereU0 5 50m s21. In the

rest of the paper, we define the baroclinicity by the

vertical shear of the zonal wind divided by the radius of

deformation at the interface because the static stability

is a constant at each interface. The upper- (lower-) level

baroclinicity refers to (u1 2 u2)/R1 [(u2 2 u3)/R2], and its

restoration counterpart is (~u1 2 ~u2)/R1 [(~u2 2 ~u3)/R2].

The simulations are 15 years long to ensure significant

results, and the first year is discarded before the analysis,

as in RRC17.

b. Simulations

Different series of simulations have been performed

to investigate the impact of changes of the upper- and

lower-level baroclinicity. These series are shown in

Table 1. Experiments in which the upper-level bar-

oclinicity is varied (denoted as UB) are obtained by

fixing the equilibrium lower-level wind amplitude U2

andU3 to their respective control values and varyingU1

from 0.8U0 to 1.2U0, corresponding to an upper-level

baroclinicity factor (U1 2U2)/U0 varying from 0.3 to 0.7.

That means that there is a factor of about 2.3 between

the smallest and greatest values of the upper-level ver-

tical shear of the restoration zonal wind. Similarly, ex-

periments where the lower-level baroclinicity changes

are obtained by fixing U1 and U2 and varying U3 from

0.3U0 to 0.1U0. This corresponds to a baroclinicity factor

(U2 2U3)/U0 varying from 0.2 to 0.4 and a lower-level

vertical shear varying by a factor of 2.

The study is mainly focused on sensitivity experiments

for which the relaxation time scales are set to tR1
5

tR2
5 25 days. This enables a systematic comparison

between the effects of changes in upper- and lower-level

baroclinicity as the relaxation time scales are the same at

the two interfaces. These series are hereafter denoted as

UB25 and LB25. Another set of sensitivity experiments

is made with different time scales at the upper and lower

interfaces (tR1
5 40 days and tR2

5 15 days), as used in

RRC17, hereafter denoted as UB40 and LB40. Finally,

a series of simulation JP25 with fixed baroclinicity

but changes in the jet position u0 is run to help assess

the respective impacts of changes in the baroclinicity

and jet latitude.

3. Results

a. Time-mean versus restoration baroclinicity

Changes in the baroclinicity of the restoration tem-

perature field do not necessarily induce the same

changes in the simulated climatology because of the

dynamical adjustment. Figure 1 shows the climatological

upper- and lower-level baroclinicity fields obtained for

the UB25 and LB25 experiments. An increase in the

upper- or lower-level restoration baroclinicity indeed

leads to an increase of the corresponding climatological

mean baroclinicity, as shown in Figs. 1a and 1d. We note

that the upper-level baroclinicity maxima differ by a

factor of 2 between the extreme cases in UB25 (Fig. 1a),

which is a bit less than the range of the restoration

baroclinicity. There is however little impact on the

lower-level baroclinicity, with only a slight decrease and

shift toward the pole.

For the LB25 series, the climatological mean lower-

level baroclinicity also fluctuates over a smaller range of

maxima than the restoration baroclinicity (Fig. 1b), but

unlike the UB25 case, the increase in the lower-level

baroclinicity in LB25 simulations leads to a decrease in

the upper-level one. This change in upper-level bar-

oclinicity is because the upper-level wind does not

change as the lower-level baroclinicity is increased,

while the mid- and lower-level winds increase (not

shown). The increase in both the lower- and midlevel

winds can be interpreted as follows. When the lower-

level baroclinicity is increased, eddy energy increases,

but as the dissipation is acting at the low level only, the

low-level wind must increase. This also leads to an in-

crease in the midlevel wind because the forcing is such

that the baroclinicity at the interface between the low-

and midlevel increases. These opposite changes in the

two baroclinicities need to be kept in mind while

TABLE 1. Sensitivity experiment description table.

Name tR12
tR23

Parameter Minimum Maximum Step

JP25 25 25 u0 208N 408N 28
UB25 25 25 U1/U0 0.8 1.2 0.1

LB25 25 25 U3/U0 0.1 0.3 0.02

UB40 40 15 U1/U0 0.8 1.2 0.1

LB40 40 15 U3/U0 0.1 0.3 0.02
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interpreting the results. Similar results are obtained for

UB40 and LB40 (not shown).

b. Persistence of the leading mode and eddy
feedbacks

Following Lorenz and Hartmann (2001) and RRC17,

empirical orthogonal functions (EOFs) of the zon-

ally and vertically averaged zonal wind are computed

for each simulation of UB25 and LB25. The autocorre-

lation function of the first principal component (PC1)

of the leading EOF (EOF1) of each experiment is

plotted in Fig. 2. As in RRC17, the autocorrelation

has systematically a shoulder shape marked by a fast

decay rate during the first few days followed by a slower

decay rate at longer lags. On average, the e-folding time

is around 20days, which is of the same order of the

time scales of the Southern Hemisphere annular mode

in comprehensive models as they vary between 15 and

30 days during summer (Kidston and Gerber 2010;

Arakelian and Codron 2012). It is however larger than

the observed ones, which are closer to an e-folding

time of 10 days (Simpson et al. 2013b; Simpson and

Polvani 2016), as is often the case in comprehensive

and idealized models. A change in upper-level bar-

oclinicity does not seem to impact the EOF1 persis-

tence very much (Fig. 2a); however, an increase in the

lower-level baroclinicity causes a clear decrease in

persistence (Fig. 2b). After 20 days, the PC1 autocorre-

lation for strong lower-level baroclinicity (U2 2U3 $

0:34U0) drops to 0.25 on average, whereas for weak

lower-level baroclinicity (U2 2U3 # 0:26U0), it remains

above 0.5.

The tendency of the vertically and zonally aver-

aged zonal wind h[u]i satisfies the following equation

(RRC17):

›h[u]i
›t

52
1

a cos2u
›

›u
(h[u*y*]i cos2u)2 [u

3
]

3t
E
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FIG. 1. Climatological mean of (a),(c) upper- and (b),(d) lower-level baroclinicity, respectively, (U1 2U2) and

(U2 2U3), for (a),(b) UB25 and (c),(d) LB25. The baroclinicity factors correspond to (U1 2U2)/U0 and

(U2 2U3)/U0, respectively.
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where u3 is the zonal wind in the lower level of the

model, the operators h�i and [�] correspond to the

vertical and zonal average, respectively, and u*5
u2 [u] and y*5 y2 [y] are departures of the zonal and

meridional wind from their zonal mean. The factor 1/3

in the second term on the right-hand side of Eq. (3) is

due to the vertical integration of the momentum

equation and the fact that the Ekman dissipation is

only acting in the lowest level. By projecting each

term of Eq. (3) onto EOF1, we get the tendency

equation for PC1:

dPC1

dt
5m1 d , (4)

where m is the eddy momentum forcing (i.e., the pro-

jection of the eddy momentum flux convergence) and d

is the projection of the surface drag. To get growth rates

at a given time t, we compute the time-lag cross corre-

lation between PC1 and each term of Eq. (4), then we

divide them by the autocorrelation function of PC1,

A1(t0)5�tPC1(t)PC1(t0 1 t):

1
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The left-hand side of Eq. (5), which is the in-

stantaneous rate of change of the PC1 autocorrelation,

is driven by two distinct contributions. On one hand,

t21
m corresponds to the forcing due to momentum flux

convergence. On the other hand, t21
d corresponds to

the effect of the drag. The benefit of Eq. (5) is that t21
d

is almost constant. Indeed, [u3] is roughly proportional

to h[u]i, so we expect d to evolve in line with PC1.

Therefore, changes in the instantaneous rate of change

of the PC1 autocorrelation should mainly be caused by

changes in the eddy momentum forcing t21
m . Figure 3

shows t21
m as a function of time lag and the baroclinicity

factors (U1 2U2)/U0 and (U2 2U3)/U0. In general, this

quantity is very similar to the time-lag cross covariance

between PC1 and the eddy momentum forcing [i.e.,

�tPC1(t)m(t0 1 t)]. It exhibits strong positive values

at short negative lags that correspond to the triggering

of the event by a strong projection of the convergence

of eddy momentum onto the EOF. Then, at short posi-

tive lags, it has negative values in most cases. This was

shown to come mainly from the negative feedback ex-

erted by planetary waves when they reflect on the flanks

of the jet (Rivière et al. 2016; RRC17). At longer posi-

tive lags, it usually reaches positive values because

of a positive synoptic eddy feedback (e.g., Lorenz and

Hartmann 2001, 2003; Zurita-Gotor 2014; RRC17).

Even though the eddy momentum contribution to APC1

rate of change follows these different steps inmost cases,

differences among the various cases exist and are worth

analyzing. As expected from Fig. 2, the values of the

eddy momentum contribution show almost no mono-

tonic or consistent changes when modifying the upper-

level baroclinicity (Fig. 3a). One notable feature is the

strong oscillation forU1 2U2 5 0:6U0, which is probably

due to successive wave reflections (Rivière et al. 2016;

RRC17). Conversely, Fig. 3b shows a gradual increase

in the eddy momentum contribution at positive lags

when the lower-level baroclinicity is decreased. At short

FIG. 2. Autocorrelation function of PC1 for (a) UB25 and

(b) LB25 for which the baroclinicity factors are (U1 2U2)/U0 and

(U2 2U3)/U0, respectively.
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positive lags (12 to13 days), the negative values found

for large baroclinicity disappear and become positive

for small baroclinicity. At longer positive lags (15

to 120 days), the eddy momentum contribution is near

zero for large baroclinicity and becomes positive for

small baroclinicity.

Figure 4 compares each term of Eq. (5) for two ex-

treme values of the lower-level baroclinicity. As

expected, the contribution of the drag is constant

and similar for both simulations. For weak lower-level

baroclinicity (Fig. 4a), the eddymomentum contribution

is significantly positive at all positive lags. But for strong

lower-level baroclinicity (Fig. 4b), it is first negative at

short positive lags, then becomes slightly positive be-

tween lag 15 and 112 days, and finally decreases and

becomes again negative after lag116 days. Hence, at all

positive lags, the eddy momentum contribution t21
m is

stronger in the weak baroclinicity case.

Since the seminal work of Lorenz and Hartmann

(2001), the positive correlation between m and PC1 at

long positive lags (greater than 5days) is considered as

the signature of a positive synoptic eddy feedback.

Following this interpretation, the first main conclusion

from Figs. 3 and 4 is that this positive feedback is weaker

and less durable for stronger lower-level baroclinicity.

The second conclusion is that, at short positive lags (less

than 5days), the negative feedback exerted by planetary

waves as revealed in Rivière et al. (2016) and RRC17

becomes less effective for weak baroclinicity. These two

changes go in the same direction, namely, a decrease in

persistence of the leading mode of jet variability with

increased lower-level baroclinicity. The next section will

be dedicated to investigating the underlying causes.

c. Dynamical interpretation

The aim of this section is to interpret the clear drop in

PC1 persistence when the lower-level baroclinicity is

increased. Figure 5 shows the lagged regressions of the

momentum flux convergence and zonal wind anomalies

on PC1 for weak and strong lower-level baroclinicity.

We first note that wind anomalies have more than three

times higher amplitudes for stronger baroclinicity. This

is logical as the lower-level baroclinicity largely de-

termines the eddy growth rate (Lindzen and Farrell

1980; Hoskins andValdes 1990), so the higher amplitude

of eddies for stronger baroclinicity leads to stronger

momentum flux convergence and jet fluctuations. More

interestingly, zonal wind anomalies propagate poleward

for strong lower-level baroclinicity while they stay more

or less at the same latitude for weak lower-level bar-

oclinicity. For example, for the weak lower-level bar-

oclinicity simulation, the maximum of negative wind

anomalies (dashed contours on Fig. 5a) is around 328N
for a lag of 210days and around 348N for a lag

of 120days. In contrast, for a strong lower-level bar-

oclinicity, the same anomalies peaks at 358N for a lag

of210 days and around 448N for a lag of120days. This

difference can explain the eddy momentum contribu-

tion to A1 rate of change seen in Fig. 4b. Indeed, the

poleward-shifted zonal wind anomalies of Fig. 5b are

due to poleward-shifted eddy momentum convergence

patterns after lag 15days, which end up becoming or-

thogonal to EOF1 because of its poleward propagation

and can eventually project negatively onto it. Thus, the

low or negative values of the cross covariance between

m and PC1 in the strong lower-level baroclinicity case

correspond to a response of the eddies that does not

maintain the jet shift associated with EOF1 but rather

makes the jet propagate poleward.

The poleward-propagation regime was found to emerge

and dominate in the simulations of Son and Lee (2006),

FIG. 3. Eddymomentum contribution to the rate of change of the

PC1 autocorrelation function [t21
m of Eq. (5)], as a function of lag

and baroclinicity factors for (a) UB25 and (b) LB25. The bar-

oclinicity factors in (a) and (b) correspond to (U1 2U2)/U0 and

(U2 2U3)/U0, respectively.
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Lee et al. (2007), and Son et al. (2008) forced by a strong

high-latitude cooling rate, that is, when the midlatitude

baroclinic zone was reinforced and enlarged. This is con-

sistent with our simulations, which show the dominance of

the poleward-propagation regime when the midlatitude

lower-level baroclinicity is increased. The rationale for the

poleward-propagation regime provided by Lee et al.

(2007) is the following:

d A wave generated in the jet core, which propagates

equatorward, induces momentum convergence near

the jet core and a divergence on its equatorward flank.
d The momentum flux divergence decelerates the zonal

wind near the critical latitude, which moves it

poleward.

d The next equatorward-propagating wave will there-

fore break slightly farther away from the equator; its

momentum convergence and divergence patterns are

shifted poleward compared to the first wave. Thereby,

the jet is farther pushed poleward and so on.

This mechanism needs the Rossby waves to reach a

critical latitude on the equatorward flank of the jet and

to strongly decelerate the westerlies there. This is un-

likely to happen when waves do not propagate away

from the jet and the jet somehow acts as a waveguide.

This assertion can be tested by comparing the struc-

ture of Rossby waves between a weak and strong lower-

level baroclinicity simulation. Figure 6 shows one-point

correlation maps of the meridional wind for both

FIG. 4. Rate of change of the PC1 autocorrelation function [left-hand side of Eq. (5); green], and its momentum

[t21
m of Eq. (5); black] and drag contribution [t21

d of Eq. (5); blue], for two simulations of LB25: (a) weak baroclinicity

(U2 2U3 5 0:2U0) and (b) strong baroclinicity (U2 2U3 5 0:4U0).

FIG. 5. Lagged regression onto PC1 of anomalous zonally and vertically averaged eddy momentum flux con-

vergence (shaded) and zonal wind (contours; interval: 0.5m s21) as a function of lag and latitude for two simulations

of LB25: (a) weak baroclinicity (U2 2U3 5 0:2U0) and (b) strong baroclinicity (U2 2U3 5 0:4U0). The black

dashed–dotted lines indicate the meridional extension of the mean jet (taken as 6108 around jet maximum).
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simulations with different lags: 22, 0, and 12 days. On

the one hand, the weak lower-level baroclinicity simu-

lation (Figs. 6a,c,e) shows a prevalence of zonal wave-

number k5 6. The waves are slightly anticyclonically

tilted, as expected from spherical geometry and the

quasigeostrophic model bias (Rivière 2009). Therefore,

Rossby wave propagation is almost zonal, waves stay-

ing confined into the jet (cf. Figs. 6a and 6e), which

mainly acts as a waveguide. On the other hand, the

strong lower-level baroclinicity simulation (Figs. 6b,d,f)

is dominated by wavenumber k5 4, and the observed

wave structure has more pronounced tilts: a cyclonic tilt

for the negative lag (Fig. 6b) and an even more pro-

nounced anticyclonic tilt at the positive lag (Fig. 6f). At

lag 0days (Fig. 6d), waves seem to exhibit both tilts:

cyclonic west from the reference point and anticyclonic

east of it. This could indicate wave reflections occurring

on the northern flank of the jet, which is consistent with

the change in sign of the momentum flux convergence

at short positive lags in Fig. 5b (Rivière et al. 2016).

In any case, Fig. 6 reveals that waves tend to propagate

more meridionally for the strong lower-level simulation.

The stronger anticyclonic tilt observed there induces

zonal wind deceleration on the equatorward side of the

jet as needed in the above mechanism of poleward

propagation.

This difference in wave structures can be related to

the shape of the jet. Meridionally propagating waves

are more likely to occur within broader jets for which

the PV gradient is smoother and does not decrease too

fast on the flanks of the jet while meridionally trapped

waves are confined in well-defined regions of strong

PV gradient (Martius et al. 2010). This picture is con-

firmed by Fig. 7, which shows the time-mean zonal wind

and PV gradient for LB25. The width of the jet increases

while its peak amplitude stays roughly constant when

the baroclinicity increases (Fig. 7a). For all simulations,

the PV gradient has two peaks (Fig. 7b), a strong

one located near the jet core and a weaker one closer

to the equator. The two peaks are stronger when the

FIG. 6. Lagged one-point correlation map of the meridional wind for (a),(c),(e) weak lower-level baroclinicity

(U2 2U3 5 0:2U0) and (b),(d),(f) strong lower-level baroclinicity (U2 2U3 5 0:4U0). These correlations maps have

been plotted with lags of (a),(b) 22, (c),(d) 0, and (e),(f) 12 days. The reference point (white cross) is, in each

simulation, close to the maximum of zonal wind.
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lower-level baroclinicity decreases, and they also seem

to be sharper. To confirm the latter statement, an esti-

mation of the width at half maximum was computed

for each simulation (Fig. 8c). It clearly shows a broader

PV gradient as the lower-level baroclinicity increases.

If the same computation is made for the UB25 simula-

tions (Fig. 8a), the PV gradient is found to have a con-

stant width, which supports our interpretation and the

fact that changes in upper-level baroclinicity does not

influence the poleward propagation.

However, one may argue that the broader climato-

logical mean jet and PV gradient is due to smearing by

the larger meridional incursions when poleward propa-

gation of zonal wind anomalies occur. It is thus not clear

if a wider climatological mean jet necessarily means

a wider jet at different times of the simulation. To ad-

dress this issue, the width of the zonally averaged PV

gradient has been computed at each day of the simula-

tions and then averaged. The result is shown in Fig. 8d

(and Fig. 8b for UB25), which still clearly shows that

the averaged width at half maximum also increases with

the lower-level baroclinicity and not with the upper-

level baroclinicity. Therefore, a stronger lower-level

baroclinicity leads to a broader jet and a smoother PV

gradient, enabling the poleward-propagation regime to

become the dominant mode of variability. It confirms

the interpretation provided by Lee et al. (2007) and Son

et al. (2008). In their case, the poleward-propagation

regime associated with the broader and weaker PV

gradient logically emerges when the baroclinic zone is

forced to be broader by a stronger cooling rate at high

latitudes. In our case, it is not straightforward to explain

why the PV gradient and the jet broaden when the res-

toration baroclinicity is intensified and the meridional

width of the restoration baroclinicity is kept unchanged.

Two possible mechanisms explaining how a stronger

low-level (but not upper level) baroclinicity leads to a

broader jet can be put forward. The first one relies on

baroclinic instability arguments. The development of

baroclinic instability requires a change of sign of the PV

gradient in the vertical; given that this gradient is always

positive at upper levels, this is equivalent to having a

negative PV gradient in the lower troposphere. An in-

crease in lower-level baroclinicity will tend to enhance

the negative low-level PV gradient and therefore widen

the latitudinal band in which it is negative, as shown in

Figs. 9c and 9d for different restoration profiles [see

Eq. (2) for their definition]. In contrast, a change in

upper-level baroclinicity does not affect the width of the

region where the PV gradient changes sign in the

vertical, as it remains positive at upper levels (Figs. 9a

and 9b). So the latitudinal band in which baroclinic

waves might be unstable increases in width only when

the lower-level baroclinicity increases. This will in turn

increase the width of the latitudinal band of eddy mo-

mentum deposition in the upper troposphere and thus

the width of the eddy-driven jet.

The second potential explanation relies on changes in

eddy wavelengths. There is a clear shift toward larger

eddy length scales for stronger lower-level baroclinicity

(cf. Figs. 6b,d,f and Figs. 6a,c,e). Figure 10 confirms it by

showing the spectrum of the squared meridional wind

as a function of latitude and wavenumber for a weak

and a strong lower-level baroclinicity simulation. This

figure also confirms the assumption that waves are

trapped in the jet for a weak lower-level baroclinicity

(Fig. 10a), whereas they can escape and propagate me-

ridionally for a stronger baroclinicity (Fig. 10c). More-

over, waves tend to reach higher amplitudes for a

stronger lower-level baroclinicity and at all latitudes (cf.

Figs. 10b and 10d). The increase in eddy horizontal scale

when the baroclinicity increases is consistent with simi-

lar quasigeostrophic or primitive equation simulations

FIG. 7. Climatological mean of (a) the zonally averaged zonal

wind and (b) zonally averagedPV gradient at 200 hPa for LB25, the

baroclinicity factor being (U2 2U3)/U0.
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(Whitaker and Barcilon 1995; Chai and Vallis 2014).

However, there are different competing mechanisms to

explain this result, and the mechanism at play may de-

pend on the range of the baroclinicity (or criticality)

values. One possible explanation might be the upscale

nonlinear energy transfer. Indeed, an increase in the

lower-level baroclinicity enhances wave generation of

the most unstable synoptic waves. This intensifies

nonlinear interaction among synoptic waves that

lead to more energy transfer toward large waves. There

are also linear and alternative nonlinear arguments that

may explain this result, which are particularly more

relevant when discussing weakly nonlinear regimes,

as discussed in the two previously cited studies. So one

possible interpretation for the broader jet in the pres-

ence of the stronger lower-level baroclinicity is the fol-

lowing: by increasing the baroclinicity, waves increase

in scale, so they deposit momentum over a broader

region. This broadens the jet, which in turn favors more

the poleward-propagation regime. We have checked

that the upper-level baroclinicity has a less drastic ef-

fect on eddy length scales in the present simulations

(not shown).

Finally, this shift toward smaller wavenumbers for

strong lower-level baroclinicity could explain another

result: the stronger negative values of eddy momentum

forcing observed at short positive lags (Fig. 3b). Smaller

wavenumbers means more planetary waves, which tend

to reflect near the jet flank and induce a negative eddy

momentum forcing (Rivière et al. 2016; RRC17). It

could seem paradoxical that more reflections occur for

strong lower-level baroclinicity when the jet acts less

as a waveguide. However, in that case, equatorward-

propagating planetary waves may reflect or be absorbed

depending on the situation. The pronounced tilt ob-

served on Fig. 6f (and to a lesser extent on Fig. 6d) is

FIG. 8. (a),(c) Full width at half maximum of the main peak of zonally averaged zonal wind (solid line) and PV

gradient (dashed line) at 200 hPa and (b),(d) averaged full width at half maximum of the daily peak of the same

quantities as a function of (a),(b) the upper-level baroclinicity factor [(U1 2U2)/U0] for each simulation of UB25

and (c),(d) the lower-level baroclinicity factor [(U2 2U3)/U0] for each simulation of LB25 (plotted with their

respective color).
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consistent with an increase in the wave–mean flow in-

teraction described in Rivière et al. (2016), leading

sometimes to the appearance of reflecting levels before

the wave reaches the critical latitude. This well-marked

equatorward wave propagation, which may result in

reflection or absorption, does not appear for weak

lower-level baroclinicity where waves are more sys-

tematically trapped in the jet core by the sharp PV

gradient (Figs. 6c and 6e).

d. Additional sensitivity experiments

1) BAROCLINICITY INTENSITY VERSUS LATITUDE

As recalled in the introduction, changes in the per-

sistence of the leading mode of jet variability have been

linked to changes in the mean jet latitude (e.g., Kidston

and Gerber 2010; Arakelian and Codron 2012), and one

may argue that the results from the LB25 experiments

could also be due to changes in the mean jet latitude.

To check this, the LB25 series is compared to JP25, a

series of simulations where the intensity of the restora-

tion baroclinicity is fixed but its latitude is varied.

To compare these two series, we compute the instanta-

neous rate of change of the autocorrelation function due

to the eddy momentum forcing [term t21
m from Eq. (5)].

Its averaged value between lag 15 and 115 days is

plotted on Fig. 11 for all simulations. We first recover

in the JP25 experiments the classical result (Barnes

et al. 2010; Arakelian and Codron 2012) that, as the

latitude of the mean jet increases, the eddy feedback

FIG. 9. Vertical cross section of the zonal wind (shaded) and PV gradient (contours; interval: 23 10211 m21 s21)

of the restoration basic states for (a) weak upper-level baroclinicity (U1 2U2 5 0:4U0), (b) strong upper-level

baroclinicity (U1 2U2 5 0:7U0), (c) weak lower-level baroclinicity (U2 2U3 5 0:2U0), and (d) strong lower-level

baroclinicity (U2 2U3 5 0:4U0).
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coefficient decreases (black squares). The LB25 exper-

iments indicate that, as the lower-level baroclinicity

increases, the jet moves slightly poleward, consistent

with Butler et al. (2010) and Rivière (2011). For these

experiments, the eddy feedback also decreases as the

jet moves poleward but with a much steeper slope than

for the JP25 experiments. This strongly suggests that

the impact of the lower-level baroclinicity onto the

EOF1 persistence cannot be simply explained by the

latitudinal displacement of the jet.

2) SENSITIVITY TO RELAXATION TIME SCALES

To check the robustness of the results, the same series

of simulations as LB25 and UB25 has been run but with

the relaxation time scales set to the same values as in

RRC17: tR1
5 40 days and tR2

5 15 days. These setups,

denoted as LB40 and UB40 (cf. Table 1), are also more

similar to the Held and Suarez’s (1994) benchmark.

Figure 12 shows the PC1 autocorrelation for these new

series of simulations. As for LB25, the persistence of the

leading EOF generally increases by decreasing the

lower-level baroclinicity while, as for UB25, this per-

sistence is not impacted by a change in upper-level

baroclinicity. There is only one exception for the very

weak baroclinicity [(U2 2U3)/U0 equal to 0.20 and 0.22]

for which the persistence suddenly decreases from 0.22

to 0.20. The general increased persistence as the bar-

oclinicity decreases can be explained by the increased

eddy momentum forcing t21
m (Fig. 13b) as for the LB25

experiments. Only the marginal cases for lower-level

baroclinicity factors from 0.22 to 0.20 show an abrupt

reversal of the tendency. Similar to UB25, the eddy

momentum forcing does not show significant change in

average when the upper-level baroclinicity is increased

FIG. 10. (a),(c) Spectrum of the squared meridional wind as a function of latitude and zonal wavenumber and

(b),(d) its integral over wavenumber for (a),(b) a weak lower-level baroclinicity (U2 2U3 5 0:2U0) and (c),(d)

a strong lower-level baroclinicity (U2 2U3 5 0:4U0).
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(Fig. 13a). In conclusion, the results found previously

for tR1
5 25 days and tR2

5 25 days are still valid here,

except for the very weak lower-level baroclinicity

simulations.

4. Conclusions

The impact of changes in upper- and lower-level

baroclinicity on the eddy-driven jet variability has

been investigated using a three-level quasigeostrophic

model on the sphere. This study focused on the persis-

tence of the leading EOF of the zonally and vertically

averaged zonal wind. We found that its sensitivity to the

upper or lower baroclinicity is very different: an increase

in the upper-level baroclinicity has no significant effect

whereas an increase in lower-level baroclinicity tends to

decrease the EOF1 persistence.

When the lower-level baroclinicity increases, EOF1

also becomes more characterized by a poleward prop-

agation of zonal wind anomalies. Using the terminology

introduced by Son and Lee (2006), the zonal index

regime is progressively replaced by the poleward-

propagation regime. In the zonal index regime, the

meridional excursion of the jet is maintained by a strong

positive eddy feedback. In the poleward-propagation

regime, the eddies instead deposit their momentum

poleward of the current jet position, leading to its

propagation. The interpretation is provided in terms of

PV gradient. For strong lower-level baroclinicity, the

PV gradient is broad and weak enough to favor an

equatorward propagation of the waves. Then the waves

decelerate the zonal winds on the equatorward flank

of the jet when they break and displace the critical lat-

itude further poleward. This tends to shift the eddy

momentum flux convergence–divergence patterns and

the zonal wind anomalies poleward with time. For weak

lower-level baroclinicity, the PV gradient is so strong

and sharp that the jet acts as a waveguide, waves are

trapped, and the deceleration of the zonal winds on the

equatorward flank of the jet is too weak to modify the

location of the critical latitudes. The interpretation is

similar to Lee et al. (2007) and Son et al. (2008), but the

setup of the numerical experiments is different. In the

previous studies, a broader PV gradient logically ap-

pears as the width of the forced baroclinic zone in-

creases. In our case, an intensification of the restoration

baroclinicity without changing its meridional width is

enough to lead to the same effect. Two explanations are

provided. The first one is based on a baroclinic in-

stability argument. When the lower-level baroclinicity

increases, the latitudinal band where baroclinic in-

stability is likely to occur increases, which enlarges the

region of momentum deposit by the waves and hence

widens the jet. The second one is based on the increased

wavelength when the lower-level baroclinicity increases.

FIG. 11. Feedback coefficient as a function of mean jet position

for the JP25 series (black squares) and the LB25 series (colored

diamonds), the baroclinicity factor being (U2 2U3)/U0.

FIG. 12. As in Fig. 2, but for UB40 and LB40 series.
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As larger waves deposit momentum over a larger lat-

itudinal band, the eddy-driven jet becomes broader.

Another effect of the increased wavelength when

the lower-level baroclinicity increases is seen on shorter

time scales. In the strong lower-level baroclinicity

cases, the wave scale becomes larger, and waves are

more inclined to be reflected onto the equatorward

side of the jet, reinforcing the negative eddy feedback a

few days after the peak of PC1 (Rivière et al. 2016;

RRC17). This constitutes an additional reason for the

weaker persistence of PC1 for stronger lower-level

baroclinicity.

The present idealized study provides dynamical di-

agnoses to further investigate the persistence of annular

modes in future climate projections obtained with the

Coupled Model Intercomparison Project (CMIP) exer-

cises. In addition to the sensitivity to the jet latitude

already discussed in several papers (Kidston andGerber

2010; Arakelian and Codron 2012; Barnes and Polvani

2013), the sensitivity to the lower-level baroclinicity and

to the width of the PV gradient should be examined,

especially during autumn and early winter when the

polar amplification is expected to be the strongest in the

Northern Hemisphere.
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